As currents flow over rough topography, the pressure difference between the up-and downstream sides results in form drag-a force that opposes the flow. Measuring form drag is valuable because it can be used to estimate the loss of energy from currents as they interact with topography. An array of bottom pressure sensors was used to measure the tidal form drag on a sloping ridge in 200 m of water that forms a 1-km headland at the surface in Puget Sound, Washington. The form drag per unit length of the ridge reached 1 3 10 4 N m 21 during peak flood tides. The tidally averaged power removed from the tidal currents by form drag was 0.2 W m
Introduction
In the ocean, form drag occurs when currents flow over rough topography creating a pressure difference between the upstream and downstream sides of an object within a flow field. Form drag differs from frictional drag, which is due to shear stresses acting within the bottom boundary layer. Often form drag has a magnitude that is much larger than frictional drag (Nash and Moum 2001) , however, form drag is patchy because it only occurs in regions of rough topography. Unlike frictional drag, which acts only in the bottom boundary layer, form drag leads to mixing and turbulence throughout the water column and creates eddies and internal waves that carry energy away from the topography (Polzin et al. 1997; Jayne and St. Laurent 2001; Rudnick et al. 2003; Pawlak et al. 2003; Garrett and Kunze 2007) .
The magnitude of frictional drag is relatively well parameterized, whereas form drag parameterizations are difficult to formulate since much less is known about the magnitude and spatial distribution of form drag despite some recent advances (Nikurashin and Ferrari 2011) .
An eventual goal of form drag research is to improve drag parameterizations in large-scale numerical models. Models often neglect form drag because they do not resolve the scales at which form drag occurs, which can lead to overprediction of velocities (Oke et al. 2002) . Better drag parameterizations will likely improve ocean model current predictions as they have for atmospheric weather prediction models (Lott and Miller 1997; Wood et al. 2001; Kim et al. 2003) . Additionally, the inclusion of form drag parameterizations into large-scale models may be helpful in constraining the distribution of turbulent mixing in the ocean interior, since form drag creates power available for mixing away from the boundaries themselves.
Total form drag-due to bottom pressure anomalieshas not previously been measured in the ocean. Only the parts related to changes in isopycnal height (referred to in this paper as internal form drag) (Moum and Nash 2000; Nash and Moum 2001; Edwards et al. 2004 ) and perturbations of the sea surface (here called external form drag) (McCabe et al. 2006 ) have been quantified. In this experiment, total form drag was measured with pressure sensors in a similar way to mountain drag in the atmosphere (Bougeault et al. 1993) . Precise bottom pressure sensors (Ppods) (St€ ober and Moum 2011) were deployed across the bathymetry near Three Tree Point (TTP), a headland in Puget Sound, Washington, with predictable tidal currents. TTP has been studied extensively in the past: Edwards et al. (2004) and McCabe et al. (2006) quantified the internal and external form drag, respectively, Canals et al. (2009) described the tilted eddies present there, and Warner and MacCready (2009, hereafter WM09) showed with a numerical model that there is an additional part of the form drag that arises in oscillatory flow situations (''inertial'' form drag). In this study, total form drag from bottom pressure sensors, ''bulk'' drag estimated from the shallow water momentum equation, internal form drag, inertial form drag (arising from tidal time-dependence), frictional drag, and turbulent dissipation are all quantified.
There are three goals of this paper: first, to present a new method for measuring form drag on undersea topography using bottom pressure gauges; second, to parameterize form drag in terms of existing drag laws; and finally, to determine what physical mechanisms create form drag at TTP. Field observations are described in section 2. Bottom pressure measurements are discussed in section 3. In section 4, form drag is calculated from bottom pressure anomalies. The density, microstructure, and velocity measurements and their implications for form drag are described in sections 5, 6, and 7. The inertial drag is discussed in section 8. Finally, the results of this study are compared to form drag parameterizations in section 9. A set of conclusions follows in section 10.
Experiment details
TTP is a triangular headland located in a relatively straight section of the Main Basin of Puget Sound ( Fig. 1) . At the surface, it is ;1 km wide in the alongchannel direction and it extends as a sloping ridge 1.5 km into the 5-km-wide channel. The mean depth in this region is 200 m. TTP has very steep sidewalls with a mean slope of 1:5, which is supercritical relative to internal waves at the M 2 frequency.
The field experiment took place from 25 October through 1 November 2010. Eight autonomous Ppods (P1-P8) were deployed along two transect lines . They are modified Paroscientific pressure sensors, which have a precision of 1.4 Pa and take measurements every second (Moum and Nash 2008) . In addition, seven bottom landers (L1-L7), each equipped with an upward looking RDI ADCP (150, 300, or 1200 kHz, depending on depth), a SBE Microcat, a Ppod, and an acoustic release were deployed. For stability, the landers had to be placed on relatively flat areas, therefore L3 and L4 were positioned slightly off the transect lines. L5 was placed on the south side of the topography to observe the lee eddies during flood tides. Both the ADCP and the Ppod on lander 7 failed, and were not used in the analysis. Two ships took measurements along the transects (Figs. 1b and 2e ). Along the ridge transect, the R/V Wecoma collected continuous ship-mounted ADCP and echosounder data. A Chameleon profiler (Moum et al. 1995) was yo-yoed from the stern measuring salinity, temperature and microstructure. Chameleon was dropped until it hit the bottom or to 160 m, whichever was shallower, allowing at least 10 casts per transect. Between 26 October and 1 November, 90 transects were completed each taking about an hour to go southward while taking Chameleon measurements and a half hour to return back to the start. Along the headland transect, the R/V Barnes collected ship-mounted ADCP velocities for 10 h on 27 October, for 9 h on 29 October, and for 5 h on 30 October. The schedule was chosen to capture the flow patterns during strong flood and ebb tides. There were four CTD stations along the headland transect that were performed with a SBE 19 SEACAT Profiler.
In Puget Sound, tides are mixed semidiurnal with flood tides flowing to the south (Figs. 2a,b) . Flood currents are faster than ebb currents at TTP because of topographic siphoning of the ebb currents through Colvos Passage rather than through the channel where TTP is located (Bretschneider et al. 1985) . The experiment took place during neap tide; therefore, it is likely that our estimates for form drag are lower than they would be during spring tides. The background tidal velocity (u 0 , Fig. 2a ) was found by vertically averaging the ADCP velocity from the L1 lander. The top and bottom 30 m are ignored to avoid effects of wind and bottom boundary layer processes. Principle component analysis (Emery and Thomson 2004) was used to find the dominant current direction, which aligns closely to the along-channel direction. It was then low-pass filtered with a 60-min Hanning window to get a smooth tidal velocity signal. The winds were from the south and always less than 10 m s 21 (Fig. 2c ). They were especially weak during the time of the ship transecting. The potential density changed slightly throughout the experiment, but the stratification remained relatively constant (Fig. 2d ).
Bottom pressure anomalies a. Calculating bottom pressure anomalies from Ppods
Form drag (D form ) is defined as the spatial integral of the bottom pressure times the bottom slope. A detailed derivation of the along-channel component of form drag from the momentum equation can be found in McCabe et al. (2006) ,
where p 0 bot is the bottom pressure anomaly, h is the bottom height, h x is the bottom slope in the alongchannel direction, and x 1 and x 2 are points of equal depth on either side of the topography. As defined here, D form has units of Newtons per meter cross-channel distance. The sign of (1) indicates that form drag removes momentum from the flow. The associated power (P form ), or rate of energy loss from the mean flow, is the product of the form drag and the background tidal velocity, u 0 (Gill 1982, section 8.7) :
This definition of power is chosen because it encompasses energy losses both from internal waves and from eddies. The form drag power, P form , should not be confused with barotropic to baroclinic energy conversion (Kelly et al. 2010) , which is appropriate for topography that only generates internal waves, but does not work in regions of the topography dominated by eddies. Ppods measure the total pressure at the seafloor (p bot ). The total pressure is dominated by the resting depth and spatially averaged tidal height variations, which do not contribute to form drag. To find the bottom pressure anomaly (p 0 bot ), we follow Moum and Smyth (2006) and start with the vertical momentum equation for a nonrotating, inviscid, Boussinesq fluid:
where p 5 p(x, t) is the total pressure that varies in all directions [x 5 (x, y, z)] and in time (t), z is positive up, r 5 r(x, t) is the density, r 0 5 1023 kg m 23 is a constant background density, and g is gravity. The material derivative is defined as
where (u, y, w) are the velocities in the along-channel, across-channel, and vertical directions. The density can be broken into three parts, r(x, t) 5 r 0 1 r(z, t) 1 r 0 (x, t), where r(z, t) is the background stratification, and r 0 (x, t) is the remaining density perturbation. Substituting into (3) and integrating vertically, we obtain
Next, we divide the sea surface height into three parts: h(x, y, t) 5 h(t) 1 h tilt (x, t) 1 h 0 (x, y, t). Here, h(t) is a spatial average of the sea surface, h tilt (x, t) accounts for an along-channel tilt of the sea surface due to tidal acceleration, and h 0 (x, y, t) is the remaining sea surface anomaly. We include h tilt as a separate term because it contributes to form drag differently than h or h 0 . Substitute into (4) to obtain an expression for the total pressure: p(x, t) 5 r 0 gh(t) 1 r 0 gh tilt (x, t) |fflfflfflfflfflfflfflffl ffl{zfflfflfflfflfflfflfflffl ffl}
Only the starred terms in (5) vary in x and thus contribute to form drag. The first term, r 0 gh(t), is due to the up and down motion of the tides and is the same everywhere within the domain. The second term, r 0 gh tilt (x, t), is used to calculate the inertial form drag (WM09), which is the part owing to the oscillatory nature of the tides and is discussed in detail in section 8. The third term, r 0 gh 0 (x, y, t), accounts for local perturbations of the sea surface and h 0 can have a magnitude of a few centimeters at the center of eddies (McCabe et al. 2006) . The fourth term, 2r 0 gz, accounts for the depth of each pressure sensor. The fifth term, g Ð h z r(z, t) dz, is the pressure owing to a spatially averaged stratification and does not vary horizontally within the domain. The sixth term, g Ð h z r 0 (x, t) dz, accounts for vertical displacement of isopycnals, most obviously created by internal lee waves and eddies. Finally, the nonhydrostatic pressure, p nh (x, t), cannot be resolved because we do not measure vertical accelerations at every Ppod location. We assume that it will not be a significant part of the signal because Moum and Smyth (2006) show that the nonhydrostatic pressure is much smaller than the hydrostatic pressure for nonlinear internal waves on the continental slope. If nonhydrostatic pressure is present, it will be measured by the Ppods but not differentiated as a separate term. The pressure anomaly that is dynamically relevant to form drag includes the starred terms from (5): 
For example, potential vorticity conservation defines a barotropic pressure with p 5 p(r) and a baroclinic pressure with gradients of density and pressure that are not parallel (Vallis 2006) . For internal tides, Kelly et al. (2010) defines a baroclinic pressure anomaly that includes pressure fluctuations due to internal waves and has a zero vertical mean. Here, the use of ''internal'' and ''external'' pressures are used to highlight isopycnal and sea surface perturbations and are not equivalent to baroclinic and barotropic pressures. To get the dynamic pressure anomaly (p 0 bot ) from the raw Ppod pressure the following steps are taken. We use P7 as an example because it was located on a very steep section of the topography and therefore prone to instabilities. The largest part of the Ppod pressure is the resting depth [2r 0 gz in (5)], which is about 130 dbar for P7 (Fig. 3a) . The resting depth is calculated as an average of the raw pressure from each Ppod over the exact same time period, ensuring that the same tidal height variations are included equally for each Ppod. The second biggest part of the pressure signal comes from the tidal height [r 0 gh in (5)], which has a range of 4 m. It is taken to be an average of the pressure from the two Ppods that were located far from the topography (L1 and P1). This avoids contamination of the background pressure with pressure perturbations occurring near the topography. The background stratification term [g Ð h z r(z, t) dz in (5)] is not calculated explicitly because r is not known at every time step. However, it is accounted for indirectly when removing the background tidal signal because the pressures at L1 and P1 include changes in the background stratification in addition to changes in the sea surface height.
Distinct sinking events are visible in the Ppod pressure anomaly (Fig. 3b) . These occurred when the autonomous Ppods shifted or rolled on the steep topographic slopes. P7 moved downward by about 1 m over the duration of the deployment. Acceleration records from within the Ppod confirm that the Ppod moves and changes orientation when pressure jumps occur (Fig. 3c) . To fix these, the pressure anomalies before and after the sinking events are aligned by eye. At times when the pressure could not be aligned visually, parts of the record were discarded. For instance, in the case of P7, there were numerous sinking events before 28 October and the periods of time between the sinking events when the Ppod was stable were quite short, and the first 40 h of data were thus discarded.
Further treatment of the dynamic bottom pressure anomalies included removing spikes when necessary. All of the pressure anomalies were low-pass filtered with a 15-min Hanning window to remove high-frequency jaggedness and variability. After processing, the dynamic bottom pressure anomalies are 1000 times smaller than the raw pressure. Sources of error associated with calculating the bottom pressure anomalies are discussed in the appendix. When p 0 bot from each Ppod along the ridge transect is plotted versus along-channel distance (Fig. 6) , it is evident that the pressure anomaly is consistently positive on the upstream side and negative on the downstream side of the topography. Here, p 0 bot from each Ppod is averaged over a 2-h window spanning maximum tidal currents, and then the mean and 95% confidence intervals (Emery and Thomson 2004, section 3.8 .2) are calculated for the 7 strong flood tides, 6 weak flood tides, 13 ebb tides, 14 slack tides between flood and ebb, and 13 slack tides between ebb and flood. During strong floods the difference in pressure across the topography is largest with a nearly 80 Pa drop from north to south (Fig. 6a ). There is also no background slope to the sea surface (h tilt ) because the pressure at the far-field Ppods is near zero.
The mean pressure decreases slightly in the along-channel direction during weak floods, but not enough to be statistically significant (Fig. 6b ). There is an along-channel increase in p 0 bot during ebb tides, which is statistically significant (Fig. 6c) . During slack tides, the pressure change near the topography is small, whereas the alongchannel sea surface tilt (h tilt ) is visible from the difference in pressure at the far-field Ppods. The sea surface tilt due to tidal acceleration, calculated with Eq. (11) (section 8), is shown to compare closely to the pressure anomalies measured by the Ppods during slack tides (Figs. 6d,e) . locations, three independent ways of calculating the integral in (1) were attempted and shown to converge (appendix). Peak form drag occurs during the strong flood tides as highlighted for one tide with the vertical gray line (Figs. 7b,e) . Along the both transects, maximum D form has a magnitude of 1 3 10 4 N m 21 .
Large peaks in power [P form , (2) , respectively. The fact that P form along both transects is relatively similar suggests that internal waves that are generated along the ridge transect and eddies that are generated along the headland transect contribute nearly equally to the total energy removed from the tides by TTP. The power per unit area (P form /L) can be found by dividing the power by the transect lengths (L), which are 1.2 and 1.9 km along the ridge and headland transects, respectively. Average P form /L is found to be approximately 0.2 W m 22 along both transects. Multiplied by a topographic area A 0 5 2.5 km 2 , an estimate for total (P form /L)A 0 is 0.5 MW. Edwards et al. (2004) use a numerical model to estimate the work rate at TTP to be 0.72 MW. One reason for the difference between these two estimates is because this experiment was done during neap tides when there was a weak and a strong flood tide each day. During the Edwards et al. (2004) experiment, there were two strong floods each day. Since most of the drag and power loss occur during strong floods, the average power loss could double from 0.5 to 1.0 MW when there are twice as many strong flood tides. Furthermore, during spring tides, currents are faster which would also lead to an increased power loss.
To put the tidally averaged estimate of (P form /L)A 0 5 0:5 MW into context, it can be compared to the tidal energy flux calculations made by Lavelle et al. (1988) throughout Puget Sound. They estimated that the total tidal energy flux into Puget Sound is 733 MW, of which 5 MW are dissipated in East Passage, the region of Puget Sound where TTP is located. Therefore, energy losses at TTP contribute 10% of the total losses in East Passage even though the area of TTP is only 0.6% of the total area of East Passage. b. Form drag from the shallow water momentum equation
In the previous section, D form was integrated across the topography directly from p 0 bot . In this section, drag will again be calculated, but in a more indirect way that involves finding the drag coefficient from the shallow water momentum equation. We refer to this as the ''bulk drag'' (D bulk ) as it includes both form drag and frictional drag.
To calculate D bulk , start with the linear, shallow water momentum equation in the along-channel direction with depth-integrated friction (Officer 1976 , sections 3-4),
Assume no cross channel flow (y 5 0 m s 21 ) and an average depth (H 5 200 m). Since this is a bulk calculation, use the background tidal velocity (u 0 ) for u, and calculate the sea surface height gradient with the two far-field Ppods (L1 and P1). We solve (7) algebraically at every time step for the drag coefficient C D and then find an average drag coefficient over times when the magnitude of the velocity is greater than 0.1 m s 21 . This results in an average drag coefficient of C D 5 9 3 10 22 , which is very large-about 30 times larger than the canonical frictional drag coefficient of 3 3 10 23 . However, this is not surprising because C D includes both frictional and form drag at a location where form drag is substantially larger than frictional drag. Using the drag coefficient C D 5 9 3 10
22
, D bulk can be calculated using a quadratic drag law
where x L1 and x P1 are the along-channel positions of the Ppods at the end of the domain. Here, D form and D bulk were calculated with completely different instruments and methods, but nonetheless they give quite similar results (Fig. 8) (Figs. 7d,e) . The equivalence between D form and D bulk gives us confidence that our estimates of D form are accurate. These are two independent measurements that employed different instruments and theory, but nonetheless the correlation of form drag and power between the two methods-especially during strong flood tides-is high.
5. Bottom pressure and form drag from potential density a. Internal lee waves
As a comparison to the bottom pressure (p 0 bot ) and form drag (D form ), we calculate internal pressure anomaly (p 0 int ) and internal form drag (D int ) from the Chameleon transects of potential density. It gives a representation of whether the isopycnals are raised or lowered in particular parts of the domain during certain times in the tide. First, the potential density is interpolated to a regular spatial grid. Unlike, for p 0 bot where the background stratification in (5) was ignored, here it is calculated by averaging the density profiles from deep casts located far from the topography. The density anomaly (r 0 ) is simply the difference between the Chameleon density (r) and the background density (r 0 1 r). Then, pressure is calculated using the hydrostatic equation,
assuming zero pressure at the surface. The pressure anomaly in the deepest grid box is taken to be the internal bottom pressure anomaly, p 0 int . Sections of potential density along the ridge transect for one full tidal cycle show lee waves on the downstream side of the topography (Fig. 9) . Associated with these lee waves are negative p Examining the density and bottom pressure anomalies over a tidal cycle (Fig. 9) shows the evolution of the internal lee waves. The sequence starts at the very end of a small flood tide (Fig. 9a) when the tidal velocity is nearly zero. At this time, p 0 bot is nearly zero and there is a slight tilt of the isopycnals with higher p 0 int on the south side. At time 2 (Fig. 9b) , the currents have started to ebb (flow to the north). There is slightly higher p 0 bot on the south side of the headland (P8 and P7), but there is little change in the density field. At time steps 3 and 4 (Figs.  9c,d ), the flow is strongly ebbing and the isopycnals show a lee wave that is situated above the topography just to the north of the topographic crest. At both of these time steps, p 0 bot shows a higher pressure on the upstream side of the topography (L4, P8, and P7) than on the downstream side (P6 and L2). There is a discrepancy between p 0 bot and p 0 int , which is likely due to sea surface height displacements that are accounted for by the Ppods but not by the density. By time step 5 (Fig. 9e) , the ebb tide has slackened, although some residual signals remain.
Time steps 6 through 9 show flood tides (Figs. 9f-h) . In time step 6, both p 0 bot and p 0 int are nearly zero. The large p 0 int at P2 is most likely caused by a sea surface height perturbation traveling away from the topography. In time steps 7 and 8 (Figs. 9g,h ), there is a large pressure difference across the topography both from the Ppods and potential density. Just as was seen in Fig. 4 , the two Ppods on the crest of the topography (L3 and L4) and the two on the downstream side (P8 and P7) all have large negative p 0 bot at maximum flood tide. Internal lee waves can be seen in the potential density section. By time step 9 (Fig. 9i) , the flood tide has slackened. At time step 10 (Fig. 9j) , the tide has begun to ebb again and the cycle will repeat itself. Throughout the experiment, similar patterns to these 10 time steps are seen at flood, ebb, and slack tides.
Differences between p 0 bot and p 0 int in Fig. 9 are expected. The Ppods include external and nonhydrostatic pressure perturbations whereas the Chameleon density does not. In particular, sea surface perturbations due to eddies are measured to be as big as 200 Pa by McCabe et al. (2006) , therefore, differences between p 0 bot and p 0 int would occur when eddies cross the ridge transect. Much smaller errors could arise because the Chameleon density profiles only go to 160 m, missing as much as 40 m of the water column in the deep parts of the transect. Time variability may also create small differences. In Fig. 9 , p 0 bot has been averaged over the hour it took to complete the transect, whereas each individual Chameleon profile takes only 5-10 min.
b. Form drag from potential density
The internal form drag (D int ) and power (P int ) can be calculated from p 0 int (Fig. 10) . A continuous integration method (appendix) is used to integrate p 0 int across the topography.
On the ridge transect, D int and P int peak during strong flood tides just as seen for D form and P form . The tidallyaveraged P int is 209 W m 21 , which accounts for about 80% of P form along the ridge transect (248 W m
21
). Scatterplots of D form and P form versus D int and P int (Figs.  10g,h) show a good correlation between the two datasets. However, the strong correlation between D form and D int only exists during flood tides (r 5 0.79 during flood tides, r 5 0.29 during ebb tides).
Along the headland transect, a CTD was used to collect density data at four stations along the transect. This was not enough spatial coverage to resolve isopycnal height variations. Here, D int and P int do not correlate with D form and P form (Figs. 10e,f,i,j) . This discrepancy highlights the importance of a CTD that continually samples like the Chameleon profiler. A sensitivity test was performed to determine how many CTD casts are necessary to get an accurate estimate of D int by subsampling the Chameleon profiles. For instance, if only half the Chameleon casts are used to calculate D int , the results are essentially the same as if every cast is used. However, if every fourth cast is used, the results start to deviate, and if fewer are used, the results become meaningless. It also matters where the casts are taken. If a cast is made in the middle of an internal wave, the results will be good, but if big features like that are missed, the final result could be erroneous.
Turbulent kinetic energy dissipation rate
The Chameleon profiler also measures turbulent kinetic energy dissipation rate (Fig. 11) . During both flood (Figs. 11f-h ) and ebb tides (Figs. 11c,d ), increased dissipation is seen on the lee side of the topography. Maximum energy dissipation rates of 5 3 10 25 W kg
21
were measured during peak flood tides (Fig. 11g) . The dissipation is quite patchy. It was found that 90% of the dissipation occurs in only 20%-30% of the volume. The microstructure measurements show dissipation at nearly all depths. This is evidence that unlike frictional drag, which only dissipates energy in the bottom boundary layer, form drag dissipates energy throughout the water column. Dissipation can be spatially integrated along the ridge transect at each time step and compared to P form (Fig. 12a) . There are distinct peaks of P form at flood tides, whereas peaks in dissipation rate are not nearly as large. This discrepancy is also visible when viewed as a scatterplot (Fig. 12b) . At peak floods, the spatially integrated dissipation is only 25%-50% of the total power. Assuming that our turbulence observations have adequately captured the total dissipation, this suggests that not all of the energy is dissipated locally, but instead is carried away from the topography by either eddies (McCabe et al. 2006; Canals et al. 2009 ) or internal waves (section 5a) that do not break directly above TTP. The percentage of local energy dissipation at TTP can be compared to other sites such as Knight Inlet where Klymak and Gregg (2004) found that one-third of the energy lost (Fig. 9) . (k) Tidal currents highlighting the 10 time-steps (red dots).
from the barotropic tides is dissipated near the sill while the rest radiates away, and to the entrance sill in Loch Etive where Inall et al. (2005) found that three quarters of the energy is radiated away by internal waves and a horizontal eddy and only a quarter is dissipated locally.
Velocity surveys
Shipboard and bottom lander ADCP velocities were collected along the two transects (Fig. 13) . At ebb tide (Fig. 13a ), the tidal current (u 0 ) flows from the SSE. Along the ridge transect, the currents on the south side of the headland are deflected toward the center of the channel by the topography, and on the headland transect, the currents are even deviated somewhat southward. Currents reach speeds of 0. The currents near TTP never completely stop due to the presence of lingering eddies and other local dynamics. At slack tide (Fig. 13b) , the currents are weaker than those at flood or ebb, but are still nearly 0.2 m s 21 which is as fast as u 0 at maximum flood.
At flood tide (Fig. 13c ) when the background current is flowing from the NNW, the currents near TTP are strongly influenced by the topography. On the north side of the headland along the ridge transect, the currents are deflected toward the center of the channel at all depths. On the south side of the topography, a counterclockwise rotating eddy is evident (Fig. 13c) . At the very south ends of the two transects, the currents are flowing strongly to the east. Just south of the tip of TTP along the headland transect, the currents are flowing back toward the west. The sea surface height deformation associated with this eddy can be estimated. For simple, rotational flow, the frictionless, steady shallow water momentum equation can be written in polar coordinates as,
where u u is the angular velocity, r is the radius of the eddy, and ›h/›r is the gradient of sea surface height in the radial direction. Assuming u u ' 0.3 m s 21 at r ' 500 m, the sea surface height difference between the center of the eddy and the edge is 10.5 mm (105 Pa), with the center being lower than the edge. On the north side of the headland where the eddy spins in the clockwise (anticyclonic) direction, the sea surface height deformation would be only 7.5 mm because the Coriolis force term has the opposite sign as the centripetal acceleration term. These sea surface deformations are of the same order of magnitude as p 0 bot .
Inertial pressure and form drag
WM09 showed that when the flow is unsteady, form drag is not only created by the generation of internal waves and eddies, but it is also created by the oscillatory nature of the flow. They referred to this part of the form drag as the inertial drag.
We can gain insight into the inertial part of the pressure field by thinking about potential flow (Dean and Dalrymple 1984) . By definition, steady potential flow does not create form drag because it is reversible; there is no flow separation. Oscillatory potential flow is also reversible. However, time-varying flows require pressure gradients to accelerate the flow, and these create an apparent form drag when they occur over sloping bottom topography. At flood and ebb tides, the sea surface is essentially flat, whereas at slack tide, the sea surface is sloped downward in the direction of tidal acceleration. This creates a pressure difference across the topography that results in form drag even without flow separation. We term this ''inertial drag'' (D inert ), which is most important in cases where the tidal excursion distance is nearly the same as the topographic length (WM09). It should be noted that the sea surface slope is related to the acceleration of the flow and not when high and low tides occur. Therefore, the theory for inertial drag is the same whether the estuary has a tidal wave that is progressive or standing.
In this study, since the domain is only a few kilometers long, the sea surface slope associated with tidal acceleration is assumed to be linear. The sea surface height at a given location can be calculated from the tidal acceleration [WM09, Eq. (15)]:
where x 0 is a reference location, and x is the alongchannel distance from the reference location. To calculate p 0 inert , (11) can be substituted into (6). It makes most sense to choose the reference location at the center of the topography, however, when calculating form drag using (1), as long as the same reference location is always used, it does not matter where it is located. Alternately, if pressure sensors are deployed upstream and downstream of the topography in far-field locations that are not directly affected by internal lee waves and eddies, h tilt can be calculated from the along-channel pressure gradient:
where A and B indicate locations of pressure sensors upand downstream of the topography. The sea surface tilt from both the far-field Ppods (12) and the tidal acceleration (11) compare well during slack tides when the slope is maximum (Figs. 6d,e) . We choose to define h tilt as in (11) so that the inertial form drag is in perfect quadrature with the velocity. Therefore, even though h tilt creates form drag, it does not do tidally-averaged work on the flow. All of the form drag that does tidallyaveraged work on the flow is contained within the external and internal pressure anomalies (6). WM09 found that on headlands comparable to the size of TTP, the inertial form drag can be comparable in size to the form drag caused by flow separation. Therefore, it is important to calculate it in this oscillatory tidal case.
The local sea surface height associated with the background tilting of the sea surface is calculated at each Ppod location with (11). That height is converted to a bottom pressure anomaly using (6). Then D inert is calculated from (1) in the piecewise integration method (appendix). At maximum flood and ebb tides, D inert is zero, but at slack tide, when the acceleration is biggest, D inert has its maximum value (Fig. 14) .
The amplitude of D inert is significantly smaller than the amplitude of D form along both the ridge (Fig. 14b ) and headland transects (Fig. 14e) . This contrasts the results of WM09, but was not entirely unexpected because their study was for headlands with vertical sidewalls, which is not the case for TTP. Inertial drag for a ridge is not expected to be as large as the inertial drag for a headland because the topographic slope ratio for a ridge is usually only 1:10 (rise:run) whereas for a headland it is more like 1:1 (across-channel extent:alongchannel extent). Therefore, since form drag is the product of pressure and slope, the inertial form drag will be less for a ridge than for a headland.
Most important, even though D inert and P inert are not zero, tidally averaged P inert is zero (Figs. 14c,f) . The inertial drag does no net work on the flow. There is almost no correlation between D inert and P inert versus D form and P form along either transect (Figs. 14g-j) .
Comparisons and parameterizations
TTP is complex because it generates both internal waves like a ridge and eddies like a headland as tidal currents flow over and around it. For the most part, in oceanography, the flow dynamics over ridges and around headlands have been investigated separately. For the headland case, WM09 found that the form drag on idealized headlands was well predicted by a bluff body drag law:
where C D is an O(1) drag coefficient, and h 0 is the maximum topographic height. Bluff body drag is commonly used to estimate form drag on a wide variety of objects in nonstratified flow for which drag coefficients have been experimentally found (Fox and McDonald 1998, chapter 9) . Stratified flow over ridges is a complex problem that has been studied extensively. Gill (1982, chapters 6 and 8) and Baines (1995) explain variations of the steady case in their books. Garrett and Kunze (2007) review oscillatory flow over ridges in the deep ocean. They define a nondimensional parameter space that is based on the steepness 400 m is the Gaussian e-folding length of the topography. It is found that TTP has a steepness parameter of « 5 18, which means the topographic slope is supercritical with respect to the wave ray slope. The tidal excursion parameter kU 0 /v 5 3.6, which means that the flow in this region is likely to produce quasi-steady lee waves. The nonlinear parameter Nh 0 /U 0 5 3.6, which means that the flow over TTP could be blocked by the topography. Finally, the height parameter d 5 0.57, which means that the topography occupies over half of the water column at the crest of the ridge. Along the headland transect, « 5 18, kU 0 /v 5 2.4, Nh 0 /U 0 5 4.7, and d 5 0.75. The values of these nondimensional parameters puts TTP in a case of having quasi-steady lee waves, finite depth, supercritical slope, and nonlinear blocking. This part of parameter space is likely to be common in high-latitude coastal regions. Similar ridges have been studied with nonhydrostatic models (Nakamura et al. 2000; Legg and Huijts 2006) and by observations of twolayer, hydraulically controlled ridges (Armi 1986; Farmer and Armi 1999) . Because of the nonlinearity of this ridge case, no theories have been developed that can predict the wave drag that should be seen at TTP. Comparisons can be made to steady theory (Gill 1982; Baines 1995) , oscillatory theory for subcritical slopes in infinite depths (Bell 1975a,b) , theories with adjustments for finite depth (Khatiwala 2003) , theories with adjustments for steep topography (Balmforth et al. 2002; Llewellyn Smith and Young 2003; St. Laurent et al. 2003; P etr elis et al. 2006) , and theories for steady flow over corrugated slopes and isolated ridges on a slope (Thorpe 1992 (Thorpe , 1996 MacCready and Pawlak 2001) . The simplest wave drag parameterization is for steady flow over an isolated ''Witch of Agnesi'' ridge with small Nh 0 /U 0 in infinite depth fluid (Baines 1995, p. 245) :
Three more relevant wave drag parameterizations are detailed in St. Laurent et al. [2003, Eqs. (24) , (22), and (21), respectively]: oscillatory flow over a Witch of Agnesi ridge in an infinite depth fluid, oscillatory flow over a Witch of Agnesi ridge in a finite depth fluid, and oscillatory flow over a knife-edge in a finite depth fluid. Using the bluff body drag parameterization (13) and these four wave drag parameterizations, the size of the drag at TTP can be put into perspective (Fig. 15) . The bluff body drag (13) with C D 5 1 underpredicts D form and P form significantly. Of the wave drag parameterizations, the one for the steady, infinite-depth flow over the Witch of Agnesi ridge (14) does the best job. The knifeedge parameterization overpredicts the drag, which is understandable because the topography at TTP is shaped more like a Witch of Agnesi ridge than a knife-edge. The two oscillatory, Witch of Agnesi parameterizations for finite and infinite depth flow give the same result, which is somewhat surprising because it is reasonable to think that depth should be an important factor. However, as St. Laurent et al. (2003) points out, in the limit of d/« 1, the parameterization for a finite depth fluid reduces to that of an infinite depth one. At TTP, d/« is 0.03 and 0.04 for the ridge and headland transects, respectively. It is also somewhat surprising that the steady parameterization would predict the drag better than the oscillatory one. The parameterization for oscillatory flow over a Witch of Agnesi ridge in infinite depth fluid [St. Laurent et al. 2003, Eq. (24) ] is
In a confined channel, it is a valid assumption to let f 5 0 s 21 . Furthermore, N v at TTP. In these two limits, the oscillatory drag (15) reduces to the steady drag (14). Finally, (14) requires small Nh 0 /U 0 , which is not true at TTP. We hypothesize that the ridge-headland hybrid topography at TTP makes this parameter less important because in regions where the fluid is blocked, it can travel around the topography rather than over it.
In previous experiments at TTP, the form drag was found to be as much as seven times larger than predicted by bluff body drag with an O(1) drag coefficient (Edwards et al. 2004; McCabe et al. 2006) . It was hypothesized that TTP was incredibly efficient at generating drag, possibly because of its shape or the fact that the tidal excursion distance is nearly the same as the topographic length. WM09 suggested that the increased drag was due to the oscillatory nature of the flow creating inertial drag. In this study, we again show that the form drag at TTP is much larger than predicted by bluff body drag. However, now we conclude that it is not due to the inertial drag as hypothesized by WM09 because it was shown to be quite small in section 8. Nor is it due to the tidal excursion distance or shape of TTP. Instead, it is simply that a wave drag law is a more appropriate parameterization than a bluff body drag law since the flow at TTP is stratified and internal waves are generated in addition to eddies.
The underprediction of D form by D BB can also be seen when comparing tidally-averaged power along the two transects (Fig. 16 ). Here, P BB only accounts for about a third of P form . P wave does a much better job; it overestimates tidally averaged P form by only about 25%. This overestimation is due largely to error at low velocities rather than at high velocities when drag is larger.
This experiment was conducted during neap tides. As discussed in section 2, we expect that the form drag would be larger during spring tides owing to faster tidal velocities. To test how much variability there is throughout a spring/neap tidal cycle, D wave and P wave can be calculated using velocities from a tide model of Puget Sound (Lavelle et al. 1988) . It is found that tidally-averaged P wave /L over a spring tide is 0.32 W m 22 , which is 60% larger than tidally-averaged P wave /L during our experiment. This compares well to the average power measured at TTP during a spring tide by Edwards et al. (2004) In addition to comparing P form to theories, it can be compared to our other measurements such as P bulk (section 4b) and P int (section 5) (Fig. 16) ). Along the ridge transect, P int /L is about 80% as big as P form /L (Fig. 16) . Since the pressure from the Ppods contains internal, external, and nonhydrostatic pressure, we would expect that P int would be smaller than P form . In a numerical model of the region, there is evidence that along the ridge transect D form is mostly made of internal form drag whereas closer to shore, the external form drag begins to play a much larger role (Warner 2012, chapter 4) . Finally, the power loss to bottom friction (0.008 W m 22 ) pales in comparison to losses from from drag. This further justifies the fact that models that only use a frictional drag coefficient to parameterize drag in regions of rough topography are going to miss a large part of the drag and energy loss.
Conclusions
The form drag D form on TTP was measured with bottom pressure sensors. Its magnitude was confirmed by comparing it to drag derived from the shallow water momentum equation (D bulk Furthermore, both methods showed that the form drag and power have their biggest magnitude during the strong flood tides becaus of the asymmetry of the strength of the tides (floods are faster than ebbs) and to the asymmetry of the topography (the south side is steeper than the north). Additionally, it was shown that form drag is 30 times larger than frictional drag.
Because of the combination of stratification and topography, a bluff body drag law with an O(1) drag coefficient drastically underestimates the measured form drag. A linear wave drag law gives a much better prediction of the form drag and power. Using the linear wave drag law combined with a tide model of the region, an annual average power loss at TTP of 0.26 W m 22 is estimated. Maximum tidally averaged power loss of 0.32 W m 22 is found during spring tides, which compares well to the estimate by Edwards et al. (2004) . It was also shown that the inertial drag was much smaller than the total form drag, which is different from what was predicted by WM09 for headlands with vertical sidewalls. Physical mechanisms associated with form drag generation were observed as follows: eddies were seen in the velocity data, internal waves in the potential density data, and elevated levels of turbulent kinetic energy dissipation rates in the microstructure data. Here, P int was 80% as big as P form . Maximum values of the spatially averaged dissipation were 25%-50% as big as P form during strong flood tides, which means that while some tidal energy is dissipated locally, it appears that over half of it is carried away from the topography by internal waves and eddies to be dissipated elsewhere.
Overall, even though TTP only accounts for a very small percentage of the energy dissipation in Puget Sound or the world's oceans, the form drag power losses at TTP are 30 times larger than frictional losses over a equivalent flat area. Therefore, it is important that form drag-not just frictional drag-is taken into consideration in larger-scale numerical models. Furthermore, form drag causes energy dissipation throughout the water column, not just in the bottom boundary layer. So simply increasing the bottom friction in numerical models to account for topographic form drag may not lead to momentum and energy losses in the correct locations. FIG. 16 . Time-averaged power that has been calculated in many ways throughout this paper. The two theoretical powers (gray) are from the bluff body drag law (13) and the linear wave drag law (14). The observed P form /L (black) along the ridge and headland transects compare more-closely to the wave drag than to the bluff body drag. P bulk /L, P int /L and P friction /L are also shown for comparison.
APPENDIX

Error Analysis
a. Ppod pressure errors
In section 3, it was explained how p 0 bot is calculated from the total Ppod pressure. There are a few sources of error involved in this calculation that need to be elaborated upon.
First, it is possible that removing the sinking events (section 3) resulted in errors because aligning the pressure anomalies before and after each sinking event was done visually. However, these would not be larger than 10% of the range of p 0 bot , and therefore not likely to affect the form drag integral substantially.
A second source of error is due to drifting clocks. This is what rendered the pressure from Lander 7 unusable. It is essential that the clocks are all aligned and keep accurate time because even small differences in timing can result in falsely large pressure anomalies when the background tidal height is subtracted. As an example, if the clock on a Ppod is off by 20 s, due simply to the rate of change of r 0 gh, p 0 bot can be incorrect by 50 Pa. This is the same order of magnitude as the pressure anomalies that create form drag and therefore a very serious problem. All of the other Ppods had newer software than L7 and therefore were not prone to this problem. However, it is something that one must be very careful about when measuring form drag in locations where tidal height changes rapidly.
The mean and 95% confidence interval of p 0 bot from each Ppod at different points in the tidal cycle was shown in Fig. 6 . There is a fair amount of variability from one tidal cycle to the next, which is due in part to natural variability of the maximum tidal velocity during each flood and ebb. However, there is still a statistically significant along-channel pressure slope during the strong floods and ebbs, which shows that, despite this variability, the pressure signals are robust enough to trust our form drag calculations.
b. Three form drag integration methods
Since Ppods were only located at a few distinct locations along the two transects, multiple ways of calculating form drag with (1) were attempted to see how much sensitivity there is to integration method.
The first method was the simplest: one Ppod from each side of the topography was used. On the ridge transect, the Ppods used were L2 on the north and P8 on the south. The slope was estimated as a constant value of s 5 0.23, which was taken as positive on the north and negative on the south. A constant x distance was of l 5 500 m was also used for each side. Essentially this method assumes that TTP is shaped like an isosceles triangle with a bottom length of 1000 m and height of 115 m. The form drag was integrated as Along the headland transect, the Ppod on the north was P5 and on the south was L6. The average slope and x distance were 0.165 and 750 m, respectively.
The second method involved piecewise integration across the topography. To do this, discrete sections that traced the shape of the topography were used (Fig. A1) . The average slope (s 1 , s 2 , etc.) of each section was multiplied by p 0 bot from the Ppod located within each section and then summed along the length of the transect (l 1 , l 2 , etc.). Along the ridge transect, three sections were used and along the headland transect, four sections were used (Fig. A1) . It is essential that the form drag integral start and end at the same depth . The end depth was chosen to be 200 m on the ridge transect and 150 m on the headland transect. For this method, the form drag along the ridge transect was integrated as 
There were three caveats to this method. First, along the ridge transect, the average pressure from P7 and P8 was used in a single section because they were located so close to each other. Second, along the headland transect, L7 failed, so P5 was used instead. Third, the pressures from P2, L3, L4, and P3 were not used because they were located in regions with near-zero topographic slope. The third method for calculating form drag involved a more continuous integration along the transects. The ridge was broken into 80 points spaced about 25 m apart. The pressure was linearly interpolated from the two Ppods closest to every point:
Here, p up and p down are p 0 bot at the upstream and downstream Ppods located closest to a given point and l up and l down are the distances from that point to the upstream and downstream Ppods, respectively. The slope was calculated from the shipboard ADCP bottomtrack depth. Once the pressure and slope were calculated at each point along the transect, (1) could be used directly.
Overall, these three methods give very consistent results for form drag and power (Fig. A2) . In Fig. A2 , the form drag and power have been divided by the transect length because the transect length differs slightly between the three methods. The average power (P form /L) for the three methods calculated over the same time period are nearly equal at 0.216, 0.219, and 0.211 W m 22 for the 2 Ppod, piecewise, and continuous methods, respectively.
The consistency between the three methods shows that no matter how form drag is integrated, the calculation is robust. It is possible that the location of the Ppods missed some ''hot spots'' of form drag generation, which would lead to an underestimate of form drag. However, beccause of the similarity between the three methods of form drag integration that used either 2, 4, or 8 Ppods, it also shows that most likely there were enough Ppods deployed across the topography to get an accurate estimate of form drag. Throughout the paper, the piecewise method is used. FIG. A2 . D form /L and P form /L calculated using three different methods of integration of bottom pressure and slope across the topography. The 2 Ppods method takes the pressure and slope from each side of the topography. The piecewise method breaks the topography into discrete sections each containing one Ppod. The continuous method linearly interpolates the pressure along the transect before integrating.
